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Abstract		
	In	 this	 article,	 I	 focus	 on	melting	 in	 the	 deep	 Earth	 from	 the	 transition	 zone	 to	 the	 core	
mantle	 boundary,	 with	 a	 brief	 overview	 of	 recent	 works	 dedicated	 to	 such	 melting	
properties.	Two	regions	in	the	deep	Earth	are	likely	to	be	the	locus	of	partial	melting	of	the	
mantle:	 the	 transition	 zone	 and	 the	 core	mantle	 boundary.	 In	 the	 transition	 zone	 region,	
melts	can	be	produced	on	the	top	of	the	transition	zone	or	at	the	top	of	the	lower	mantle.	In	
the	lower	mantle,	estimates	of	the	initial	core-mantle	boundary	(CMB)	temperature	exceeds	
the	melting	 temperature	 of	 the	mantle,	 indicating	 extensive	 lower	mantle	melting	 in	 the	
early	Earth,	compatible	with	the	formation	of	a	deep	magma	ocean.	It	is	likely	some	relics	of	
this	early	magma	ocean	have	been	kept	at	the	core	mantle	boundary.	Most	measurements	
or	calculations	of	iron	partitioning	between	bridgmanite	and	the	silicate	indicate	that	these	
partial	melts	are	likely	to	be	gravitationally	stable	at	the	CMB.	Further	studies	are	required	
to	evaluate	the	influence	of	light	incompatible	species	such	as	H2O	and	CO2	on	melting	at	the	
CMB,	as	are	precise	mechanisms	for	transportation	and	delivery	of	volatiles	to	the	very	deep	
mantle.	
	
	
Introduction	
Planetary	accretion	and	differentiation	of	terrestrial	planets	into	a	metallic	core	and	a	rocky	
mantle	are	intimately	related	to	melting	processes.	For	the	early	Earth,	it	is	established	that	
silicate	melts	 played	 an	 important	 role	 in	 shaping	 the	 Earth’s	 interior	 as	we	 see	 it	 today.	
Impacts	 are	 important	 events	 throughout	 the	whole	 Earth’s	 formation	 history,	 associated	
with	release	of	gravitational	energy	(e.g.	Ricard	et	al.	2009).	The	giant	impact	invoked	in	the	
formation	 of	 the	Moon	 has	 probably	 been	 able	 to	melt	 a	 large	 amount	 if	 not	 the	whole	
silicate	Earth	(e.g.	Canup,	2012;	Nakajima	and	Stevenson,	2014),	thus	resulting	in	a	magma	
ocean	 (Abe,	 1997).	 Estimates	 of	 the	melting	 or	 crystallization	 temperature	 of	 the	 Earth’s	
mantle	 are	 thus	 important	 parameters	 to	 understand	 the	 Earth’s	 history	 and	 its	 present	
state.	At	present,	seismic	waves	mostly	tell	us	that	the	Earth’s	mantle	is	not	molten.	Rocks	
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indeed	 melt	 only	 in	 exceptional	 circumstances	 (e.g.	 McKenzie,	 1985),	 at	 very	 specific	
locations	(see	MELT	seismic	team,	1998	for	instance).	Partial	melting	of	mantle	rocks	result	
from	an	increase	of	temperature,	or	a	pressure	drop,	or	the	introduction	of	volatiles	species	
such	 as	 water	 or	 carbon,	 which	 lowers	 the	melting	 points	 of	 silicates	 (e.g.	 Kushiro	 et	 al.,	
1968,	Canil	 and	Scarfe,	1990;	Dasgupta	et	al.	2005,	Falloon	and	Green,	1989;	Hirschmann,	
2006,	Litasov	and	Ohtani,	2003).	A	very	abundant	literature	is	available	about	this	topic	and	
the	reader	is	also	invited	to	consult	Wyllie	and	Ryabchikov	(2000)	or	a	recent	review	paper	
by	Green	(2015).	
What	does	melting	 in	 the	Earth’s	 deep	 interior	 thus	means?	 It	 is	 not	 the	 intention	of	 this	
chapter	to	cover	all	melting	processes	taking	place	beneath	ridges	and	plumes,	which	have	
been	 described	 by	 almost	 60	 years	 of	 literature	 (Green	 and	 Ringwood,	 1967;	 Yoder	 and	
Tilley,	 1962,	 Anderson	 and	 Sammis,	 1970	 and	 references	 herein).	 I	 will	 not	 describe	 the	
partial	melting	in	the	asthenosphere	(e.g.	Chantel	et	al.	2016)	nor	treat	the	partial	melting	or	
crystallization	 in	the	Earth’s	core	but	rather	expose	recent	 interests	for	deep	melts	related	
with	the	transition	zone,	and	deep	primordial	(or	present)	melts	within	the	Earth’s	mantle,	
which	may	originate	from	fractional	crystallization	of	a	thick	magma	ocean.	
In	order	to	generate	(or	to	keep)	a	melt,	a	general	principle	has	to	be	obeyed.	If	we	assume	
for	 instance	 a	 peridotite	 composition	 for	 the	 Earth’s	mantle,	 the	 geothermal	 gradient	 has	
either	to	be	above	the	peridotite	solidus	or	the	temperature	of	the	peridotite	solidus	has	to	
be	 lowered.	In	phase	diagrams,	mixtures	of	components	melt	at	a	 lower	temperature	than	
the	 pure	 end-members,	 and	 addition	 of	 a	 third	 component	 reduces	 both	 the	 solidus	 and	
liquidus	temperatures	 in	a	two	components	system.	Volatile	components,	such	as	H2O	and	
CO2,	 are	 good	 candidates	 that	 can	 be	 considered,	 particularly	 at	 subduction	 zones,	which	
cause	the	solidus	and	liquidus	temperatures	to	be	lowered	and	result	in	partial	melting.	Note	
that	 fluids	 released	 from	 subducting	 oceanic	 crust	 at	 depths	 greater	 than	 100	 km	 are	
supercritical	fluids	rather	than	aqueous	fluid	and/or	hydrous	melts	(Mibe	et	al.,	2011).		
In	this	article,	I	will	focus	on	melting	at	much	greater	depth,	from	the	transition	zone	to	the	
core	mantle	 boundary.	Many	 authors,	 coupling	 experimental	 and	 theoretical	 approaches,	
encompassing	realistic	mantle	compositions	as	well	as	end-members,	have	addressed	such	
melting	properties.	In	this	chapter,	I	will	try	to	give	a	brief	overview	of	these	works.	
	
Do	we	have	geophysical	evidences	for	melting	in	the	deep	Earth?	
Over	 the	past	30	years	 there	has	been	an	 increased	 interest	 in	 the	Core	Mantle	Boundary	
(CMB)	region	of	the	Earth.	In	the	last	decade,	a	great	deal	of	effort	has	been	focused	on	this	
region	with	 improved	seismic	analysis	techniques	and	compilations	of	analyses	that	yield	a	
variety	 of	 interesting	 features	 (Garnero	 et.	 al.	 1993;	 Garnero	 and	 Helmberger,	 1998;	
Wysession,	 1996).	 Such	 studies	 show	 reductions	 in	 S	 and	 P	wave	 velocities	 (from	1-3%	at	
large	 scales	 up	 to	 10%	 or	 more	 at	 smaller	 scales)	 as	 well	 as	 strong	 lateral	 and	 radial	
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variations	 in	 this	 region.	With	 the	seismic	assessments	 that	 the	mid-mantle	 (1000km	<	z	<	
2000km)	itself	is	largely	homogeneous	in	comparison,	with	the	exception	of	the	subduction	
zone	penetration	of	oceanic	plates,	this	discovery	has	broad	implications	for	the	role	of	this	
region	on	Earth	processes,	 ranging	 from	plate	behavior	 to	convective	dynamics	and	plume	
generation.	Improvements	in	tomography	suggest	that	subducting	lithospheric	slabs	have	a	
signature	in	the	velocity	perturbation	of	the	whole	Earth’s	mantle,	and	that	the	CMB	could	
also	 be	 the	 repository	 of	 oceanic	 slabs	 subducted	 all	 the	 way	 down	 through	 the	 lower	
mantle	 (e.g.	 van	der	Hilst	et	al.	 1997).	 The	dynamics	of	 such	model	 corresponds	 to	whole	
mantle	convection	in	which	subducted	oceanic	crust,	transformed	into	a	dense	assemblage,	
partially	 segregates	 to	 form	 a	 D”	 layer	 growing	 with	 time	 (Coltice	 and	 Ricard,	 1999).	
Hotspots	 arise	 from	 this	 deep	 thermal	 boundary	 layer	 and	 tap,	 in	 variable	 proportions,	
material	 from	both	the	residual	deep	mantle	and	D”.	Old	fragments	of	oceanic	 lithosphere	
and	refractory	cumulates	from	the	magma	ocean	could	host	at	the	base	of	the	mantle	most	
of	the	primordial	He	and	Ne	observed	today	in	oceanic	basalts	(Albarède,	2008).	Other	works	
suggest	 that	 plumes	 root	 at	 the	 CMB	 and	 chemical	 variability	 in	 this	 region	 will	 then	 be	
expressed	 at	 the	 surface	 via	 lava	 emission	 (Hoffman,	 1997).	 It	 is	 obvious	 that	 fractional	
melting	and	crystallization	processes	linked	to	the	thermal	state	and	evolution	of	the	mantle	
will	significantly	affect	the	distribution	of	geochemical	species	in	the	Earth’s	interior.	
Seismology	 studies	 have	 presented	 the	 basic	 observations	 of	 two	 large	 low-shear	 velocity	
provinces	(LLSVP)	under	the	African	continent	and	in	the	pacific	basin,	as	shown	Figure	4.1	
(e.g.	Helmberger	et	al.	2005;	Garnero	and	McNamara,	2008,	McNamara	et	al.	2010;	Yu	and	
Garnero,	2017).	A	consensus	view	exists	 that	 these	slow	regions	 (which	are	possibly	up	 to	
1000	km	thick)	exhibit	an	anomalously	 low	shear	velocity	and	 increased	bulk	modulus	but	
LLSVPs	 are	 not	 thought	 to	 be	 partially	molten.	Ultralow-velocity	 zones	 (ULVZs)	 have	 been	
extensively	documented	by	short-period	studies.	ULVZs	correspond	to	 localized	features	at	
the	core	mantle	boundary	(CMB),	with	strong	reductions	in	seismic	velocities	(in	the	range	of	
10	 to	 30	 %)	 for	 both	 P-	 and	 S-	 waves	 (e.g.	 Wen	 and	 Helmberger,	 1998;	 Garnero	 and	
Helmberger,	 1998;	 Garnero	 et	 al.	 1993),	 and	 it	 was	 proposed	 these	 zones	 are	 partially	
molten	(Williams	and	Garnero,	1996).	A	critical	observation	is	that	these	“partially	molten”	
regions	 are	 not	 laterally	 continuous,	 and	 have	 a	 thickness	 ranging	 from	 a	 presumed	 few	
kilometers	 up	 to	 about	 50	 km	 in	 some	 regions.	 These	 observations,	 coupled	 with	 the	
observed	 shear	 wave	 splitting	 (orthogonal	 polarizations	 of	 the	 S	 wave	 into	 SV	 and	 SH	
components)	in	D”,	yield	direct	implications	for	strong	chemical	and	thermal	heterogeneities	
in	 this	 region	and	the	subsequent	 implications	 for	chemical	 reactions	between	mantle	and	
core,	 CMB	 dynamics	 and	 heat	 transport.	 High-resolution	 waveform	 studies	 also	 find	
evidence	that	the	ULVZ	materials	are	denser	than	the	surrounding	mantle	(Rost	et	al.	2006).	
Furthermore,	geodynamical	calculations	suggest	that	only	a	dense	partially	molten	mixture	
produces	partial	melt	distributions	that	are	compatible	with	seismic	observations	of	ULVZs	
(Hernlund	and	Tackley,	2007).	As	mentioned	by	Labrosse	et	al.	(2007),	the	survival	of	a	layer	
of	melt	formed	at	the	base	of	the	mantle	early	in	its	history	also	depends	on	whether	it	was	
(and	may	be	still	is)	gravitationally	and	chemically	stable.	If	it	is	the	case,	consequences	could	
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be	 important	 because	 such	 a	 layer	 would	 be	 an	 ideal	 candidate	 for	 an	 un-sampled	
geochemical	reservoir	hosting	a	variety	of	incompatible	species.	A	very	important	question	is	
thus	posed	about	the	densification	of	melts	at	high-pressure,	as	well	as	for	a	high	Grüneisen	
parameter,	which	both	help	to	stabilize	melt	at	the	base	of	the	mantle.	These	questions	will	
be	treated	elsewhere	in	this	special	volume	(please	refer	to	Chapter	16	by	P.	Asimow).	
Another	region	of	 interest	 in	the	deep	Earth	for	possible	deep	melts	 is	the	transition	zone.	
There	is	now	little	doubt	that	the	Earth’s	transition	zone	is	the	repository	of	large	amount	of	
volatiles	 elements.	 The	 first	 direct	 evidence	 has	 been	 given	 by	 Pearson	 et	 al.	 (2014)	who	
show	the	terrestrial	occurrence	of	a	hydrous	ringwoodite	included	in	a	diamond	from	Juína	
(Brazil).	The	water-rich	nature	of	 this	 inclusion,	 indicated	by	 infrared	absorption,	 is	 indeed	
clear	 evidence	 that	 the	 transition	 zone	 can	 be	 hydrous,	 with	 about	 1	 weight	 percent	 of	
water.	Schmandt	et	al.	(2014)	further	demonstrate	that	dehydration	could	cause	melting	in	a	
vertically	 flowing	mantle.	 High-pressure	 laboratory	 experiments	 indeed	 evidence	 that	 the	
transition	 of	 hydrous	 ringwoodite	 to	 bridgmanite	 and	 (Mg,Fe)O	 is	 able	 to	 produce	
intergranular	melt.	Concomitantly,	detection	of	abrupt	decreases	in	seismic	velocity	using	P-
to-S	 conversions	 recorded	by	a	dense	 seismic	 array	 in	North	America,	where	downwelling	
mantle	 is	 inferred,	 is	 consistent	 with	 partial	 melt	 below	 660	 kilometers.	 As	 ringwoodite	
crystals	 are	 entrained	 from	 the	 transition	 zone	 to	 the	 lower	mantle	by	 convection,	 higher	
temperatures	 and	 higher	 pressures	 prompt	 the	 water	 contained	 inside	 to	 exsolve,	 thus	
triggering	melting.	
Another	 region	 of	 interest	 has	 also	 been	 identified	 above	 the	 410-km	 discontinuity.	 This	
layer	characterized	by	low	seismic	wave	velocities	has	been	identified	regionally	(Revenaugh	
and	 Sipkin,	 1994;	 Vinnik	 and	 Farra,	 2007).	 This	 low	 velocity	 layer	 shows	 poor	 lateral	
continuity	and	it	has	been	proposed	that	partial	melting	induced	by	local	effects,	such	as	the	
dehydration	 of	 subducted	 crust	 or	 the	 dehydration	 of	 water-bearing	 silicates	 beneath	
continental	 platforms	 in	 association	 with	 mantle	 plumes	 could	 explain	 these	 features.	
Additional	observations	at	a	regional	scale	are	also	compatible	with	the	presence	of	a	deep-
seated	melt	or	 fluid	 layer	on	top	of	the	410-km	deep	seismic	discontinuity	 (Toffelmier	and	
Tyburczy,	2007,	 Song	et	al.,	 2004).	Tauzin	et	al.	 (2010)	 report	 seismic	observations	 from	a	
large	number	of	 seismic	 stations	worldwide	 that	 indicate	a	 thick,	 intermittent	 low-velocity	
layer	 is	 located	near	350	km	depth	in	the	mantle.	The	low	velocity	 layer	is	thus	not	strictly	
limited	to	regions	associated	with	subduction	or	mantle	plumes,	and	shows	no	affinity	to	a	
particular	 tectonic	 environment,	 thus	 pointing	 toward	 the	 presence	 of	 a	 global	 layer	 of	
partial	melt	above	the	410-km	discontinuity.	Such	observations	are	supported	by	the	model	
presented	in	Bercovici	and	Karato	(2003),	which	predicts	that	the	 low-velocity	 layer	should	
extend	globally,	because	the	weaker	water	storage	capacity	of	upper	mantle	minerals	should	
induce	partial	melting	of	water-bearing	silicates	throughout	this	region.	
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Melting	diagrams	for	the	Earth’s	lower	mantle	
In	order	 to	understand	 the	 thermodynamics	of	 silicate	 liquids	deeper	 in	 the	Earth,	 several	
approaches	 have	 been	 developed.	 Dynamic	 compression	 experiments	 can	 reach	 high	
pressures	and	high	temperature,	above	those	prevailing	at	the	core	mantle	boundary.	A	first	
estimate	 of	 the	mantle	 solidus	 is	 given	 by	 the	 shock	 experiments	 by	 Holland	 and	 Ahrens	
(1997)	on	 (Mg,Fe)2SiO4,	which	places	an	upper	bound	 for	 the	 solidus	of	 the	 ferropericlase	
and	bridgmanite	assemblage	at	4300±270	K	and	130±3	GPa.	With	the	studies	of	Mosenfelder	
et	 al.	 (2009)	 and	 Thomas	 et	 al.	 (2012),	 some	 further	 constraints	 have	 been	 put	 on	 the	
calculation	of	isentropes	in	a	multicomponent	system	CaO-MgO-Al2O3-SiO2-FeO	at	elevated	
temperatures	 and	 pressures.	 The	 thermodynamic	 calculations	 made	 after	 these	 shock	
measurements	 show	 that	a	whole	mantle	magma	ocean	would	 first	 crystallize	 in	 the	mid-
lower	mantle	or	at	the	base	of	the	mantle	were	it	composed	of	either	peridotite	or	simplified	
“chondrite”	liquid,	respectively.	Furthermore,	concerning	the	hypothesis	of	the	partial	melt	
to	 explain	 the	 occurrence	 and	 characteristics	 of	 ultra-low	 velocity	 zones,	 Thomas	 et	 al.	
(2012)	 report	 that	none	of	 these	 candidate	 liquids	 is	 dense	enough	 to	 remain	 at	 the	 core	
mantle	boundary	on	geologic	timescales,	but	their	model	defines	a	compositional	range	of	
liquids	that	would	be	gravitationally	stable.	It	is	clear	that	extensive	fractional	crystallization	
of	Mg-Pv	would	need	to	take	place	before	a	liquid	could	be	sufficiently	enriched	in	iron	so	as	
to	be	dense	enough	to	remain	at	the	CMB	at	geological	timescales.	
	
Another	 approach	 has	 been	 to	 develop	 theoretical	 calculations	 about	 silicate	 liquid	
properties.	First	principles	molecular	dynamics	simulations	(de	Koker	et	al.	2013;	Stixrude	et	
al.	2005,	Stixrude	et	al.	2009)	have	predicted	the	melting	curve	of	MgSiO3	bridgmanite	end-
member,	which	increases	monotonically	with	increasing	pressure	to	reach	5400±600	K	at	the	
CMB.	As	 shown	 in	Figure	4.2,	 the	mantle	 solidus	 can	 subsequently	be	estimated	 from	 the	
theoretical	MgSiO3	melting	 line,	assuming	a	 freezing	point	depression	varying	 linearly	with	
increasing	pressure	from	the	value	of	340	K	determined	experimentally	at	25	GPa	by	Tronnes	
and	 Frost	 (2002).	 The	 solidus	 temperature	 can	be	 then	 calculated	 throughout	 the	mantle.	
Stixrude	et	al.	(2009)	propose	a	melting	temperature	of	4100	K	at	the	base	of	the	mantle.	At	
lower	pressure,	the	calculations	show	a	reasonable	agreement	with	a	solidus	of	a	pyrolite-
like	composition	determined	experimentally	up	to	60	GPa	by	Zerr	et	al.	(1998).	
	
Melting	phase	 relations	and	partial	melt	 compositions	have	also	been	 studied	under	deep	
lower	mantle	conditions	in	several	diamond-anvil	cell	studies.	These	experiments	have	been	
carried	 out	 on	 different	 samples	 thought	 to	 be	 good	 proxies	 for	 the	 Earth’s	 mantle	
composition:	a	peridotite	composition	(Fiquet	et	al.	2010;	Tateno	et	al.	2014),	a	chondritic	
composition	(Andrault	et	al.	2011),	and	a	pyrolitic	composition	(Nomura	et	al.	2014).	These	
experiments	were	carried	out	over	a	range	of	lower	mantle	pressures	between	35	and	180	
GPa,	 using	 laser-heated	 diamond-anvil	 cells	 (DAC),	 some	 of	 them	 coupled	 with	 in	 situ	
synchrotron	 measurements.	 Fiquet	 et	 al.	 (2010)	 and	 Andrault	 et	 al.	 (2011)	 used	 the	
combination	 of	 different	 observations	 to	 detect	 and/or	 bracket	melting	with	 in	 situ	 x-ray	
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diffraction	and	the	(i)	appearance	of	diffuse	scattering,	(ii)	loss	of	diffraction	peaks,	(iii)	rapid	
recrystallization,	 and	 (iv)	 sharp	 discontinuity	 in	 the	 relationship	 between	 laser	 power	 and	
sample	measured	 temperature.	Additional	 constraints	are	proposed	 in	Fiquet	et	al.	 (2010)	
with	 the	 study	 of	 recovered	 samples	 sections	 prepared	with	 focused	 ion	 beam	 (FIB)	with	
high-resolution	 transmission	 electronic	 microscopy.	 Nomura	 et	 al.	 (2014)	 measured	
temperatures	 and	 proposed	 solidus	 temperatures	 on	 the	 basis	 of	 textural	 and	 chemical	
characterizations	of	the	recovered	samples	only,	i.e.	the	observation	of	melt	segregation	for	
instance.	 With	 a	 shorter	 duration	 of	 laser	 heating	 (around	 1s)	 and	 no	 temperature	
measurement,	 Tateno	 et	 al.	 (2014)	 concentrated	 on	 the	melting	 phase	 relations	 and	 iron	
partitioning	using	high-resolution	spatial	examination	of	textures	in	recovered	samples.	
	
There	is	a	good	agreement	of	solidus	temperatures	between	with	4180±150	K	reported	for	
peridotite	by	Fiquet	et	al.	(2010)	and	4150±150	K	for	a	chondritic	composition	by	Andrault	et	
al.	(2011).	The	presence	of	400	ppm	of	water	has	been	invoked	as	the	main	reason	for	the	
lower	 solidus	 temperature	 of	 pyrolite	 of	 3750K±200	 K	 reported	 by	 Nomura	 et	 al.	 (2014),	
whereas	the	starting	material	studied	by	Fiquet	al.	(2010)	is	a	dry	peridotite	glass	obtained	
with	 laser-levitation.	 Solidus	 and	 liquidus	 are	 shown	 in	 Figure	 4.3	 along	 with	 previous	
isentrope	calculations	by	De	Koker	and	Stixrude	(2009)	and	results	from	shock	experiments	
by	Mosenfelder	et	al.	(2009).	The	study	of	Tateno	et	al.	(2014)	is	not	reported	because	this	
work	has	been	focused	on	the	composition	of	the	partial	melts	and	not	on	the	quantitative	
determination	 of	 melting	 temperatures.	 The	 comparison	 with	 the	 initial	 temperature	
estimated	at	about	4500	K	or	more	at	the	CMB	at	4.5	Ga	(e.g.	Gomi	et	al.,	2013,	Nakagawa	
and	Tackley,	2010)	shows	that	liquid	isentrope	lies	mostly	in	the	partial	melting	domain,	thus	
indicating	that	deep	melting	makes	sense	in	the	early	Earth.	
	
	
Partial	melt	compositions	and	melting/crystallization	sequences.	
If	 we	 consider	 a	 peridotitic	 composition,	 the	 mantle	 stable	 assemblage	 is	 made	 of	 three	
phases:	 bridgmanite,	 CaSiO3	 with	 perovskite	 structure	 and	 (Mg,Fe)O	 ferropericlase	 (see	
Figure	 4.4).	 The	 mantle	 solidus	 is	 of	 course	 much	 less	 than	 that	 of	 the	 end-members	
considered	for	the	mantle.	It	 is	well	established	that	(Mg,Fe)O	is	the	liquidus	phase	(or	the	
first	phase	to	crystallize)	at	pressures	below	30	GPa	(Hirose	and	Fei	2002;	Tronnes	and	Frost	
2002;	 Ito	et	al.	2004).	Above	31	GPa,	 Ito	et	al.	 (2004)	showed	that	the	stable	phase	at	the	
liquidus	changes	to	brigmanite.	Furthermore,	Liebske	and	Frost	(2012)	demonstrated,	in	the	
system	MgSiO3-MgO,	that	the	eutectic	composition	becomes	more	MgO-rich	with	increasing	
pressures.	At	 higher	 pressure,	 brigdmanite	 has	 been	 shown	 to	be	 the	 stable	 phase	 at	 the	
liquidus	(Fiquet	et	al.	2010;	Tateno	et	al.	2014).	Both	studies	agree	on	the	melting	sequence	
with	 ferropericlase	 and	 Ca-perovskite	 melting	 early	 in	 the	 sequence.	 Fiquet	 et	 al.	 (2010)	
clearly	show	that	the	bridgmanite,	and	not	the	post-bridgmanite,	is	the	phase	stable	at	the	
liquidus	because	post-bridgmanite	converts	back	to	brigmanite	in	the	vicinity	of	the	liquidus	
temperature.	Both	studies	indicate	that	the	melts	formed	are	depleted	in	SiO2	and	enriched	
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in	 FeO	 with	 increasing	 pressure.	 These	 results	 are	 consistent	 with	 the	 most	 recent	 self-
consistent	thermodynamic	calculations	by	Boukare	et	al.	(2015)	in	the	MgO-FeO-SiO2	system	
as	 far	 as	 the	 crystallization	 sequence	 and	 the	 composition	 of	 the	 melt	 are	 concerned.	
Differences	are	more	important	however	when	one	compares	the	liquidus	of	Boukare	et	al.	
(2015)	with	 the	 liquidus	 temperatures	 found	 in	experiments,	which	vary	a	 lot	 from	one	 to	
another.	 Though,	 these	 calculations	 do	 not	 integrate	 highly	 refractory	 elements	 such	 as	
aluminum	or	calcium,	which	may	explain	the	higher	liquidus	reported	in	Fiquet	et	al.	(2010).	
On	the	contrary,	these	calculations	cannot	explain	the	low	liquidus	of	Andrault	et	al.	(2011).	
Note	 also	 that	 liquidus	 temperatures	 are	 difficult	 to	measure	 in	 experiments	 since	 liquids	
produced	 with	 laser	 heating	 in	 diamond-anvil	 cell	 experiments	 migrate	 along	 the	
temperature	 and	 pressure	 gradient	 created	 by	 the	 laser,	 hence	 modifying	 the	 local	
composition	of	the	sample.	Andrault	et	al.	 (2017)	stress	that	this	behavior	may	yield	to	an	
overestimation	of	the	liquidus	temperature	for	a	given	chemical	composition,	due	to	the	loss	
of	the	most	fusible	elements.	
	
Most	experimental	studies	report	a	Fe-rich	melt	co-existing	with	the	 liquidus	phase.	These	
melts	are	not	eutectic	melts	but	formed	by	different	degrees	of	partial	melting,	which	may	
to	some	extent	explain	the	differences.	Tateno	et	al.	(2014)	and	Nomura	et	al.	(2011)	indeed	
report	a	Fe	partitioning	DFe	between	melt	and	solids	calculated	as	DFe=[Fesolid]/[Femelt]	 that	
diminishes	with	increasing	pressure	to	reach	0.05	whereas	Andrault	et	al.	[2012]	observe	a	
small	 iron	enrichment	of	the	 liquid	with	a	DFe	of	0.5-0.6	over	a	wide	pressure	range	 in	the	
lower	 mantle.	 The	 partitioning	 of	 iron	 between	 bridgmanite	 and	 the	 melt	 controls	 the	
buoyancy	 of	 such	melts	 and	 a	 possible	 accumulation	 of	 dense	melts	 in	 the	 deep	mantle.	
Andrault	 et	 al.	 (2017),	 in	 an	 attempt	 to	 reconcile	 measurements	 having	 conflicting	
conclusions,	concludes	 that	sinking	melts	are	 restricted	 to	 low	partial	melting	degrees	and	
highest	mantle	pressures.	Even	if	the	exact	nature	of	the	partitioning	of	iron	between	solid	
and	 liquid	 phases	 in	 the	 lower	 mantle	 is	 not	 completely	 cleared,	 most	 experimental	 and	
thermodynamic	approaches	seem	to	indicate	that	iron	will	partition	into	the	melt	phase.	It	is	
thus	 likely	 that	melting	 in	 the	MgSiO3-FeSiO3	system	will	produce	magmas	that	are	denser	
than	the	residual	solids.	Thomas	et	al.	(2012)	also	suggest	that	the	melt	became	denser	in	a	
later	stage	of	solidification	whereas	it	was	enriched	in	FeO,	therefore	supporting	the	theory	
of	a	deep	basal	magma	ocean	concomitant	with	the	late	accretion	stage	of	the	Earth.	Further	
recent	studies	such	as	that	of	Petitgirard	et	al.	(2015)	focus	on	the	density	contrast	between	
solid	 and	 liquid	 silicate	 phases,	 and	 conclude	 that	melts	 are	 denser	 than	 the	 surrounding	
solid	phases	in	the	lowermost	mantle.	Nature	and	densification	of	melts	are	also	explored	in	
other	chapters	of	this	volume.	
	
	
Melting	of	MORB	at	the	core	mantle	boundary	
Very	 complementary	 to	 the	 studies	 on	 peridotite	 or	 pyrolite,	 melting	 properties	 of	 the	
subducted	 oceanic	 lithosphere	 –the	 other	 likely	 component	 present	 in	 the	D”	 layer-	 have	
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also	been	explored	extensively.	Schematically,	the	oceanic	lithosphere	consists	of	a	basaltic	
crust	 and	 an	underlying	harzburgitic	 component.	 The	 latter	 is	more	 refractory	 than	 fertile	
peridotite	and	it	is	probably	unlikely	that	it	melts	at	mantle	depths.	MORB	is	a	good	proxy	of	
the	basaltic	oceanic	crust	bulk	composition.	As	shown	in	Pradhan	et	al.	(2015),	with	high	Si,	
Al,	Fe	and	Na	content	in	MORB,	the	mineral	phases	stable	at	lower	mantle	pressures	are	Mg-
and	Ca-perovskite	(bridgmanite	and	CaPv),	CaFe2O4-type	(CF)	phase	and	SiO2	(St)	-	see	Figure	
4.5.	At	all	pressures	except	between	13	to	18	GPa,	a	 large	number	of	studies	showed	that	
the	anhydrous	melting	temperature	of	basaltic	composition	is	lower	than	that	of	peridotitic	
mantle	 composition	 (Herzberg	 and	 Zhang	 1996,	 Hirose	 et	 al.	 1999,	 Zerr	 et	 al.	 1998).	 At	
higher	pressure,	 the	 study	by	Hirose	et	 al.	 (1999)	was	 the	 first	one	 to	 suggest	 that	MORB	
could	possibly	melt	near	the	CMB.	More	recently,	melting	properties	have	been	examined	at	
CMB	pressure	and	temperature	conditions.	Andrault	et	al.	(2014)	and	Pradhan	et	al.	(2015)	
used	 laser-heated	 diamond	 anvil	 cell	 (LHDAC)	 experiments.	 Results	 are	 reported	 in	Figure	
4.6.	Both	studies	yield	solidus	temperatures	at	the	CMB	in	agreement	within	error	bars	with	
3800±150	K	 for	Andrault	et	 al.	 (2014)	and	3970±150	K	 for	Pradhan	et	al.	 (2015).	At	 lower	
pressure,	 the	 latter	 is	 in	very	good	agreement	with	previous	diamond-anvil	 cell	and	multi-
anvil	results	(Hirose	et	al.	1999;	Hirose	and	Fei	2002).	MORB	is	thus	found	to	be	slightly	more	
fusible	than	peridotite.	In	Pradhan	et	al.	(2015),	the	texture	analysis	allowed	the	authors	to	
propose	 the	 following	 melting	 sequence	 (MgPv	 →SiO2→CaPv),	 which	 is	 identical	 to	 that	
reported	 from	multi-anvil	 experiments	 by	Hirose	 and	 Fei	 (2002).	 In	 Pradhan	 et	 al.	 (2015),	
chemical	 analyses	 of	 recovered	 samples	 at	 high	 spatial	 resolution	 using	 analytical	
transmission	electron	microscopy	(TEM)	also	show	that	the	quenched	last	melt	is	enriched	in	
iron,	 which	 suggests	 that	 melt	 pockets	 may	 be	 gravitationally	 stable	 at	 the	 core	 mantle	
boundary.	This	result	is	very	different	from	what	has	been	reported	by	Andrault	et	al.	(2014),	
which	 shows	 an	 increasing	 SiO2	 content	 in	 the	 liquid	 with	 increasing	 pressure,	 and	 the	
authors	propose	 that	 SiO2	 reacts	with	 the	 surrounding	mantle	 to	 form	brigdmanite.	 There	
are	 however	 some	 differences	 in	 the	 experimental	 procedures	 and	 in	 the	 analytical	
techniques	between	these	two	studies	that	may	explain	such	different	conclusions.	
	
	
Influence	of	volatile	incompatible	elements	
It	is	obvious	that	the	volatile	elements	content	of	the	deep	mantle	plays	here	a	major	role.	
Several	hydrous	mineral	phases	have	been	studied	and	proved	to	be	stable	at	deep	mantle	
conditions	 (Nishi	 et	 al.	 2014;	 Ohtani	 et	 al.	 2014;	 Ohira	 et	 al.	 2014),	 thus	 opening	 up	
possibilities	 of	 deep-water	 transport.	 The	 H2O	 storage	 capacity	 of	 the	 lower	 mantle	 is	
however	uncertain	 and	 the	 subject	 of	 an	ongoing	 controversy	 [Hirschmann,	 2006;	Ohtani,	
2016	and	references	herein].	In	the	lower	mantle,	δ-AlOOH	or	phase	H	are	unique	hydrous	
minerals	 that	 could	 for	 instance	 supply	 water	 to	 the	 core	 mantle	 boundary	 and	 trigger	
dehydration	melting	(Ohtani,	2016).	Garnero	et	al.	(2016)	note	that	the	release	of	water	in	
the	 lowermost	mantle	 could	 indeed	 facilitate	 partial	melting	 in	 thermochemical	 piles	 and	
further	concludes	that	the	 incorporated	basalt	may	undergo	partial	melting	and	react	with	
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the	pile	material	if	piles	have	sufficiently	high	temperature	(~3,500	K).	If	we	attribute	the	low	
temperature	solidus	by	Nomura	et	al.	(2014)	to	the	sole	presence	of	400	ppm	H2O,	note	that	
the	melting	depression	is	of	the	order	of	500	K	at	the	CMB.	But	at	present,	there	are	no	real	
quantitative	constraints	on	 the	amount	of	water	 transported,	and	may	be	 released,	 in	 the	
lowermost	mantle.	
In	the	transition	zone,	melting	is	likely	to	occur	with	the	help	of	incompatible	species	such	as	
water.	In	the	aforementioned	transition-zone	water-filter	model	proposed	by	Bercovici	and	
Karato	(2003),	the	melt	thought	to	be	denser	than	upper	mantle	minerals	and	 lighter	than	
transition	zone	minerals	could	be	trapped	above	the	410-km	discontinuity,	which	may	be	a	
reasonable	 model	 according	 to	 the	 observations	 by	 Tauzin	 et	 al.	 (2010).	 Similarly,	 the	
experimental	 investigation	 of	 the	 density	 of	 hydrous	 basaltic	 melt	 under	 pressure	 by	
Sakamaki	et	al.	(2006)	supports	the	idea	that	a	low-velocity	and	high-attenuation	region	just	
above	the	mantle	transition	zone	may	result	from	the	presence	of	a	melt.	The	consequences	
of	H2O	storage	 in	 the	 transition	zone	and	 the	dehydration	melting	at	 the	 top	of	 the	 lower	
mantle	 are	 also	 illustrated	 by	 the	 high-pressure	 laboratory	 experiments	 and	 the	 seismic	
observations	by	Schmandt	et	al.	(2014).	
Similarly,	carbon	is	known	to	play	a	role	in	mantle	melting.	Partial	melting	and	extraction	of	
carbonatitic	melts	can	be	triggered	by	carbon	dioxide	down	to	depths	of	300	km	(Dasgupta	
and	Hirschmann,	 2006).	A	 review	of	 experiments	 focused	on	melting	 in	 the	mantle	 in	 the	
presence	of	carbon	is	also	given	by	Hammouda	and	Keshav	(2015).	The	reader	can	also	refer	
to	Chapter	2	by	Litasov.	In	the	deep	Earth,	carbon	is	thought	not	only	to	induce	melting	but	
could	also	mobilize	structurally	bound	mineral	water	 (Dasgupta	and	Hirschmann,	2010).	 In	
the	 lowermost	 mantle	 however,	 very	 few	 is	 known	 about	 the	 transportation	 of	 carbon.	
Unlike	water,	which	 is	 in	most	of	 the	Earth's	mantle	held	 in	nominally	anhydrous	silicates,	
carbon	 is	 stored	 in	accessory	phases	 such	as	 carbonates,	diamond	or	alloys	because	of	 its	
very	low	solubility	in	deep	Earth’s	minerals	(Shcheka	et	al.,	2006).	High-pressure	polymorphs	
of	 carbonates	have	been	predicted	 to	be	 stable	at	 lower	mantle	 conditions	 (Oganov	et	al.	
2008)	 and	 then	 observed	 in	 experiments	 (Boulard	 et	 al.	 2011;	 Merlini	 et	 al.	 2015).	 Such	
phases	could	easily	feed	the	core	mantle	boundary	in	carbon.	But	at	present,	a	quantitative	
estimate	 of	 carbon	 or	 CO2	 release	 at	 the	 CMB	 remains	 unconstrained,	 as	 are	 precise	
mechanisms	for	transportation	of	volatiles	to	the	very	deep	mantle.	
	
Melting	in	the	mantle	and	the	thermal	profile	of	the	Earth		
The	fact	that	the	core-mantle	boundary	is	a	thermal	boundary	layer	is	not	questionable	(e.g.	
Knittle	and	Jeanloz,	1991).	Core	temperatures	are	likely	to	be	in	excess	of	4000	K	at	the	CMB	
and	the	thermal	state	at	the	base	of	the	mantle	is	tied	to	the	temperature	in	the	Earth’s	core	
and	the	heat	flux	through	the	CMB.	Temperature	of	the	Earth’s	core	is	anchored	at	the	inner	
core	 –	 outer	 boundary	 and	 a	 function	 of	 the	 crystallization	 of	 the	 inner	 core	 crystallizing	
chemical	 system.	 Almost	 pure	 iron	 solidifies	 there	 to	 form	 the	 solid	 inner	 core	 and	 light	
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elements	such	as	silicon,	oxygen,	sulfur,	carbon	or	hydrogen	are	released	in	the	liquid	outer	
core	(e.g.	Poirier,	1994;	Badro	et	al.	2007),	thus	providing	an	additional	gravitational	energy	
contributing	to	fuel	the	geodynamo.	Temperatures	at	the	CMB	probably	 lay	between	4300	
and	 3500	 K,	 depending	 of	 the	 melting	 point	 depression	 created	 by	 the	 light	 elements	
content	 of	 the	 core	 (see	Figure	 4.7).	 As	 shown	 in	 this	 figure,	 the	 solidus	 temperatures	 of	
most	of	 these	systems	at	 the	CMB	are	of	 the	order	of	 the	temperatures	estimated	for	the	
CMB	(depicted	here	as	a	green	circle).	The	possibility	for	a	melt	to	be	preserved	at	the	core-
mantle	boundary,	at	least	in	pockets,	is	thus	high.	Incompatible	elements	such	as	H2O	or	CO2	
may	 help	 and	 trigger	 melting	 if	 dehydration	 or	 CO2	 is	 released	 at	 the	 CMB,	 even	 if	 no	
quantitative	 estimates	 of	 the	 delivery	 of	 these	 compounds	 at	 the	 CMB	 are	 clearly	
established	at	present.	Note	that	the	melt	region	defined	with	the	wet	solidus	by	Nomura	et	
al.	(2014)	lies	well	below	the	temperature	estimates	at	the	CMB	shown	in	Figure	4.7.	
Conclusions	
Two	regions	in	the	deep	Earth	are	likely	to	be	the	locus	of	partial	melting	of	the	mantle:	the	
transition	zone	and	 the	core	mantle	boundary.	 In	 the	 transition	zone	 region,	melts	can	be	
produced	on	the	top	of	the	transition	zone	or	at	the	top	of	the	 lower	mantle.	These	melts	
will	 be	 produced	 by	 dehydration	 of	 the	 high-pressure	 polymorphs	 of	 olivine,	 which	 are	
important	 host	 for	water	 at	 these	depths.	A	wet	 transition	 zone	 is	 now	a	hypothesis	 that	
became	a	reality	with	the	work	of	Pearson	et	al.	(2014),	though	one	inclusion	in	a	diamond	
from	 one	 specific	 location	 is	 no	 proof	 of	 ubiquity.	 Recent	 experimental	work	 and	 seismic	
studies	however	tend	to	show	that	low	velocity	regions	compatible	with	the	existence	of	a	
melt	can	be	observed	in	very	general	geological	settings	at	410	and	670	km	depths	(Song	et	
al.,	2004,	Tauzin	et	al.	2015,	Schmandt	et	al.,	2014).	
	
Estimates	 of	 the	 initial	 CMB	 temperature	 exceed	 the	melting	 temperature	 of	 the	mantle,	
indicating	extensive	 lower	mantle	melting	 in	 the	early	 Earth	 leading	 to	 the	 formation	of	 a	
deep	magma	ocean.	If	the	evolution	of	a	terrestrial	magma	ocean	resulted	in	the	formation	
of	a	 layer	of	melt	at	the	base	of	the	mantle	early	 in	Earth	history,	 it	 is	 likely	some	relics	of	
this	early	magma	ocean	have	been	kept	at	 the	core	mantle	boundary.	 It	 is	not	completely	
clear	where	the	crystallization	of	such	a	magma	ocean	could	start,	 since	both	 liquidus	and	
isentrope	depend	on	composition	 (Thomas	et	al.,	2012).	A	global	melting	at	 the	CMB	also	
seems	 questionable.	 As	 noted	 by	 Hernlund	 and	 Tackley	 (2007),	 the	 partial	 melting	 of	
ordinary	mantle	 should	 introduce	 a	 ubiquitous	 partially	molten	 layer	 above	 an	 isothermal	
core–mantle	boundary	as	a	consequence	of	 its	 isothermal	and	 isobaric	conditions.	We	can	
however	envisage	variations	in	thickness,	with	the	thickest	portions	occurring	at	the	base	of	
upwelling	plumes	and	a	thin	layer	elsewhere,	that	may	not	be	detected	since	seismology	is	
possibly	 blind	 to	 thicknesses	 less	 than	 5	 km	 at	 the	 CMB.	 Even	 if	 mantle-melting	
temperatures	 remains	 uncertain	 due	 to	 differences	 in	 experimental	 methodologies	 in	
existing	studies,	the	hypothesis	of	the	presence	of	a	deep	magma	ocean	on	the	top	of	the	
Earth’s	core,	which	could	be	as	thick	as	50	km	and	explain	the	presence	of	ULVZs	shown	by	
seismology,	 is	 reasonable.	 Though	 it	 is	 still	 a	 matter	 of	 discussion,	 the	 liquids	 produced	
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during	partial	melting	are	dense	and	can	hold	multiple	chemical	elements,	among	which	are	
important	markers	 of	 the	 dynamics	 of	 the	 Earth’s	mantle.	 Such	 a	 layer	would	 thus	 be	 an	
ideal	candidate	 for	an	un-sampled	geochemical	 reservoir	hosting	a	variety	of	 incompatible	
species,	notably	the	planet’s	missing	budget	of	heat-producing	elements.	
The	solidus	curve	of	MORB	appears	to	be	slightly	lower	than	the	temperature	profile	in	the	
D”	 region	 estimated	 from	melting	 of	 Fe	 at	 ICB	 conditions	 (Anzellini	 et	 al.	 2013).	 If	 these	
temperatures	at	CMB	were	to	be	confirmed,	it	appears	likely	that	the	ULVZ	could	be	partly	
made	of	dense	partially	melted	MORB	as	well	as	partial	melts	formed	in	peridotite.	Without	
considering	the	effects	of	possible	re-equilibration	of	the	partial	melt,	measurements	of	iron	
partitioning	between	Mg-bridgmanite	 and	 the	 silicate	melt	 and	preliminary	 analysis	 based	
on	 the	model	 provided	by	 Funamori	 and	 Sato	 (2010)	 indicate	 that	 these	partial	melts	 are	
likely	to	be	gravitationally	stable	at	the	CMB.	
Further	 studies	 are	 however	 required	 to	 confirm	 if	 such	 partial	 melts	 are	 indeed	 truly	
enriched	 in	FeO	and	can	be	 stabilized	at	 the	CMB	or	 if	melt	pockets	will	 just	be	 swept	by	
mantle	circulation	and	recrystallize	or	react	with	the	surrounding	materials	along	their	way	
back	up	in	hot	plumes	or	at	the	edge	of	chemical	piles.	The	influence	of	 light	 incompatible	
elements	such	as	H2O	and	CO2	on	melting	at	the	core	mantle	boundary	will	also	have	to	be	
ascertained,	 as	 are	 precise	mechanisms	 for	 transportation	 and	 delivery	 of	 volatiles	 to	 the	
very	deep	mantle.	
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Figure	captions	
Figure	 4.1.	 Global	 distribution	 of	 ULVZ	 based	 on	 seismic	 studies	 from	 Shule	 and	 Garnero	
(2017),	summarizing	all	seismic	studies	to	date.	LLSVPs	(in	pink)	are	defined	by	30%	of	the	
CMB’s	area	occupied	by	 the	 lowest	 shear	wave	velocity	dVs	 from	the	S40RTS	 tomography	
model	(Ritsema	et	al.,	2011).	In	light	blue	are	plotted	the	highest	velocities	in	the	model,	and	
30%	of	the	area	of	the	CMB	with	those	highest	dVs.	Red	dots	or	patches	represent	regions	
where	authors	say	there	 is	a	ULVZ.	 	Blue	dots	or	spots	are	regions	where	authors	say	they	
did	not	see	evidence	for	a	ULVZ.		Note:	a	“non	detection”	does	not	rule	out	the	possibility	of	
a	super	thin	ULVZ,	typically	<	5	km.	
Figure	4.2.	Reproduced	from	Stixrude	et	al.	[2009].	Predicted	melting	curve	of	MgSiO3	
bridgmanite	(red	line	with	shaded	uncertainty	envelope)	compared	with	a	modern	mantle	
geotherm	(blue	thick	line)	and	a	lower	thermal	boundary	layer	that	reaches	a	temperature	of	
4100	K	at	the	core–mantle	boundary	(Nimmo	et	al.,	2004;	Steinle-Neumann	et	al.,	2001).	
Blue	thin	line	:	geotherm	of	Brown	and	Shankland	(1981).	The	mantle	solidus	(thick	black	
line)	is	estimated	from	the	calculated	melting	curve	of	MgSiO3	brigdmanite	corrected	with	a	
freezing	point	depression	which	is	assumed	to	vary	linearly	with	pressure	from	the	
experimental	value	at	25	GPa	(340	K)	(Tronnes	and	Frost,	2002)	to	1300	K	at	136	GPa	(Zhou	
and	Miller,	1997).	Experimentally	based	estimates	of	the	mantle	solidus	including	upper	
bounds	on	the	peridotite	solidus	are	shown	(symbol:	(Holland	and	Ahrens,	1997);	thin	black	
line:	(Zerr	et	al.,	1998)),	and	the	basalt	solidus	(thin	green	line:	(Hirose	et	al.,	1999)).	Dashed	
lines	represent	extrapolation	of	measurements	to	the	CMB.		
Figure	 4.3.	 Reproduced	 from	 Gomi	 et	 al.	 [2013].	 Liquid	 isentrope	 with	 minimum	 CMB	
temperature	 at	 4.5	 Gy	 (de	 Koker	 and	 Stixrude,	 2009)	 compared	with	melting	 domains	 of	
chondrite	(red,	Andrault	et	al.,	2011),	peridotite	(green,	Fiquet	et	al.,	2010;	yellow,	Stixrude	
et	al.,	2009),	and	Mg2SiO4	(blue,	Mosenfelder	et	al.,	2007).		
Figure	 4.4.	 X-ray	 diffraction	 2D	 image	 and	 integrated	 pattern	 recorded	 for	 a	 typical	
peridotitic	sample	at	90	GPa	after	heating	at	2800	K.	The	interpretation	of	integrated	X-ray	
diffraction	pattern	shows	with	no	ambiguity	3	co-existing	phases:	bridgmanite	(black	ticks),	
Ca-perovskite	(blue	ticks)	and	ferropericlase	(red	ticks).	
Figure	4.5.	Stable	mineral	phases	assemblage	of	MORB	at	58	GPa	after	heating	at	sub-solidus	
conditions	(T	=	2600	K).	The	diffraction	pattern	is	background	subtracted.	All	peaks	can	be	
assigned	to	the	following	phases:	Mg-Pv	(MgPV)	or	bridgmanite,	Ca-Pv	(CaPv),	SiO2	(St)	and	
Ca-ferrite-type	(CF)	phase.	Adapted	from	Pradhan	et	al.	(2015).	
	
Figure	4.6. Solidus	 temperature	 (solid	circles)	of	MORB	 from	Pradhan	et	al.	 [2015]	plotted	
along	 with	 solidus	 for	 MORB	 from	 multi-anvil	 work	 (Hirose	 and	 Fei,	 2002)	 	 and	 LH-DAC	
(Andrault	et	al.,	2014;	Hirose	et	al.,	1999).	The	solid	line	(red)	is	a	fit	using	the	Simon–Glatzel	
model	 (Simon	 and	 Glatzel,	 1929).	 	 Mantle	 geotherms	 (dashed	 line)	 is	 estimated	 from	
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bridgmanite	to	post-perovskite	transition	(Oganov	and	Ono,	2004).	Adapted	from	Pradhan	et	
al.	(2015).	
Figure	4.7	A.	Modified	 from	Andrault	et	al.	 (2016).	Present-day	 temperature	profile	 in	 the	
Earth’s	(a)	mantle	and	(b)	core	 inferred	from	several	experimental	arguments.	Green	circle	
corresponds	to	the	most	 likely	temperature	at	 the	core–mantle	boundary.	 (a)	At	the	CMB,	
melting	 temperatures	 of	 4180,	 4150,	 3800	 and	 3570K	were	 reported	 for	 peridotite	 (F-10,	
Fiquet	 et	 al.	 2010),	 chondritic-type	 mantle	 (A-14,	 Andrault	 et	 al.	 2014),	 mid-ocean	 ridge	
basalt	 (A-11,	 Andrault	 et	 al.	 2011	 and	 P-15,	 Pradhan	 et	 al.	 2015)	 and	wet-pyrolite	 (N-14,	
Nomura	et	al.	2014),	respectively.	Dashed	curves	stand	for	adiabatic	profiles	(M-07,	Matas	et	
al.	2007;	H-05,	Hernlund	et	al.	2005;	K-10,	Katsura	et	al.	2010;	BS-81,	Brown	and	Shankland,	
1981;	B-01,	Bunge	et	al.,	2001).	
Figure	4.7	B.	Adapted	from	Andrault	et	al.	(2016).	Melting	of	pure	Fe	was	reported	at	4175	
and	6230K	for	pressure	conditions	of	CMB	(135	GPa)	and	ICB	(330GPa),	respectively	(A-13,	
Anzellini	et	al.,	2013).	A	melting	temperature	depression	of	650K	is	due	to	the	presence	of	
light	elements	in	the	core	(e.g.	Morard	et	al.,	2014).	The	CMB	temperature	is	extrapolated	
from	the	ICB	based	on	the	adiabatic	profile	in	the	outer	core.	
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